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Subtropical South PaciﬁcWe analyzed the concentration and stable carbon isotopic ratio (δ13C-CH4) of methane in the atmosphere and in
dissolvedmethane inwater column along 17°S in the subtropical South Paciﬁc. Additionally, the hydrogen isoto-
pic ratios (δD-CH4) of some water samples were analyzed. The sea–air CH4 ﬂux is high in the eastern region and
off thewest coast of Australia, which is related to the high concentrations of dissolved CH4 and highwind speeds.
Moreover, there is a positive correlation between the CH4 and chlorophyll a concentrations at the surface. This
consistency suggested that active CH4 productions related to the primary production cause surface CH4 accumu-
lation. CH4 shows a decrease in concentration and an increase in δ13C-CH4 and δD-CH4 values from the surface to
the depth of about 1000 m. The relationship between δ13C-CH4 values and CH4 concentration indicates that the
isotopic enrichment of CH4 reﬂects microbial oxidation of CH4 with isotopic fractionation during vertical trans-
port via vertical sinking and/or zooplanktonmigration. East of 120°W, δ13C-CH4 values at around 1000m exceed
−30.0‰. The relationships among the δ13C-CH4 values, CH4 concentrations, and oxygen concentrations indicate
that the 13C-enriched CH4 originates not only from in situ CH4 production and oxidation but also from CH4
transported from the eastern margin off Peru. Furthermore, at a site near the Central Lau Spreading Centers in
the Lau Basin, high δ13C-CH4 values (up to−21.4‰) are observed in the benthic water, suggesting a hydrothermal
ﬁeld source.
© 2014 The Authors. Published by Elsevier B.V. This is an open access article under the CC BY-NC-ND license
(http://creativecommons.org/licenses/by-nc-nd/3.0/).1. Introduction
Methane (CH4) is the second most important anthropogenic green-
house gas after carbon dioxide (IPCC, 2007). Although major sources
and sinks of atmospheric CH4 have been identiﬁed, great uncertainties
remain in the estimation of the sources, sinks, and atmospheric budget
of CH4. Estimates of the CH4 ﬂux from the ocean vary from 4 to
15 Tg yr−1 (Houweling et al., 2000; Wuebbles and Hayhoe, 2002). In
general, the CH4 concentration in the oceans gradually decreases with
increasing depth, a phenomenon that is controlled by CH4 inputs from
methanogenesis and removal by oxidation (e.g., Scranton and Brewer,
1977; Coleman et al., 1981). The repeated observation of supersatura-
tion in surface water is known as the “ocean methane paradox.” Previ-
ous studies have suggested that the source of this excess methane is
methanogenic archaea living within anaerobic cavities of the zooplank-
ton gut and anaerobic environments inside sinking particles (e.g., Karlistry, Japan Agency for Marine–
kosuka city, 237-0061, Japan.
wa).
. This is an open access article underand Tilbrook, 1994; Reeburgh, 2007; Pack et al., 2011; Valentine,
2011). Recently, Karl et al. (2008) and Metcalf et al. (2012) suggested
that CH4 is produced by aerobic bacteria as a byproduct of methylphos-
phonate decomposition in phosphate-stressed surface waters, and
Damm et al. (2010) suggested that CH4 production related to
dimethylsulfoniopropionate occurs even in phosphate-rich surface wa-
ters. Furthermore, diagenesis of sedimentary organic matter, abiotic
production in hydrothermal systems, and decomposition of CH4 clath-
rate hydrates are source processes emitting CH4 from the seaﬂoor to
the water column (e.g., Reeburgh, 2007).
Stable carbon and hydrogen isotope ratios of dissolved CH4 (δ13C-
CH4 and δD-CH4) provide information about CH4 sources and sinks.
The δ13C-CH4 value of the surface of the open ocean is similar to the
atmospheric equilibrium value of about−47‰ (Grant and Whiticar,
2002). Previous studies have observed isotopically enriched δ13C-CH4
values at the depth ofmaximumCH4 concentration above the pycnocline
(e.g., Holmes et al., 2000; Sasakawa et al., 2008). Sasakawa et al. (2008)
observed that the δ13C of CH4 produced from zooplankton ranges from
−54 to−61‰ and that the δ13C of CH4 produced from sinking particles
ranges from−37 to+6‰. The sources of this CH4 are methanogenic ar-
chaea living within anaerobic cavities of the zooplankton gut andthe CC BY-NC-ND license (http://creativecommons.org/licenses/by-nc-nd/3.0/).
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prior to release. From these results, they suggested that the supersaturat-
ed CH4 in the surface mixed layer in the northwestern North Paciﬁc is
produced mainly from sinking particles. Moreover, a culture study by
Coleman et al. (1981) revealed that carbon isotopic fractionation during
microbial oxidation of CH4 ranges from1.013 to 1.025 and that thehydro-
gen isotopic fractionation ranges from1.103 to 1.325. The degree of prog-
ress of CH4 oxidation or initial concentration before CH4 oxidation can be
estimated from observed δ13C-CH4 and δD-CH4 values with these
fractionation factors. Furthermore, the CH4 emitted frombiogenic sources
such as sedimentary organic matter and CH4 clathrate hydrates has
isotopically depleted values (δ13C = −56 to −73‰: Kvenvolden,
1993; δ13C = −65 to −68‰ and δD = −197 to −199‰: Kastner
et al., 1998), and the CH4 emitted from abiotic and thermogenic pro-
ductions in hydrothermal systems has isotopically enriched values
(δ13C = −24.6 to −28.9‰ and δD = −122 to −135‰: Botz et al.,
2002; δ13C =−20‰: Faure et al., 2010). Thus, these benthic process-
es can be distinguished by measuring benthic δ13C-CH4 and δD-CH4
values (e.g., Whiticar, 1999). In this study, CH4 concentrations and
δ13C-CH4 and δD-CH4 values were measured to reveal the sources and
sinks of CH4 in the subtropical South Paciﬁc.
2. Materials and methods
Water and air sampling and conductivity, temperature, and depth
(CTD) observations were conducted along 17°S in the subtropical
South Paciﬁc during cruise MR09-01 of the R/V Mirai, Japan Agency
for Marine–Earth Science and Technology (JAMSTEC), in April–June
2009 (Fig. 1a). Water samples for the measurement of CH4 concentra-
tion and δ13C-CH4 analysis were collected from 13 proﬁles (St. X19,Fig. 1.Map of the subtropical South Paciﬁc showing the locations of the hydrocast stations (a) a
(blue: HUMB, green: E-SPSG, orange: C-SPSG, red: ARCH, and brown: AUSE). The linewith no sy
A black cross indicates ESSW.66, 85, 104, 121, 134, 152, 174, 189, 209, 229, 255, and 285) and
water samples for δD-CH4 analysis were collected from 3 proﬁles
(St. 66, 121, and 174) with rosette-mounted Niskin bottles. The
samples were then transferred to 125-mL glass vials for δ13C-CH4
analysis and 600-mL glass vials for δD-CH4 analysis. After an ap-
proximately two-fold volume overﬂow, 20 μL for the 125-mL vials
and 100 μL for the 600-mL vials of saturated HgCl2 solution were
added, so that the ﬁnal concentrations of HgCl2 in the samples
were 10 mg L−1. The vials were sealed with butyl rubber and alumi-
num caps and stored in dark conditions at 4 °C until analysis. Air
samples for δ13C-CH4 analysis were collected in pre-vacuumed
200-mL glass bulbs from 10 m above the sea surface at the same lo-
cations as the water sampling stations. The data and analytical pro-
cedures for water temperature, salinity, oxygen, and chlorophyll a
concentrations are available in the Data Research System for
Whole Cruise Information at JAMSTEC (http://www.godac.jamstec.
go.jp/cruisedata/mirai/e/index.html).
The δ13C values and concentrations of CH4 were determined by
gas chromatography/combustion/isotope ratio mass spectrometry
(GC-C-IRMS) at the Tokyo Institute of Technology using the method of
Tsunogai et al. (1998, 2000). The δD values of CH4 were determined by
gas chromatography/high-temperature conversion/isotope ratio mass
spectrometry (GC-TC-IRMS) at the Tokyo Institute of Technology using
themethod of Yamada et al. (2003). The data are reported in delta nota-
tion as follows: δ13C= ((13C / 12C)sample / (13C / 12C)VPDB−1)× 1000 and
δD = ((2H / 1H)sample / (2H / 1H)VSMOW−1) × 1000. The precision
of these analyses was 6.5% for the concentrations, ±0.2‰ for δ13C,
and ±3‰ for δD.
The saturation ratio (SR) of dissolved CH4 was calculated from the
observed concentration of dissolved CH4 (Cw) and the concentrationnd a T–S diagram (b) for the MR09-01 cruise. The plots are color-coded according to area
mbol indicates the easternmost stationwithout isotopic analyses from theMR09-01 cruise.
26 C. Yoshikawa et al. / Chemical Geology 382 (2014) 24–31of CH4 inwater equilibratedwith ambient air (Ca),whichwas calculated
using the solubility equation of Wiesenburg and Guinasso (1979):
SR %ð Þ ¼ Cw=Ca–1ð Þ  100: ð1Þ
The sea–air CH4 ﬂux (F) was calculated from
F μmol m−2 day−1
 
¼ kw  Cw 0−50 mð Þ–Ca
 
: ð2Þ
kw is the gas transfer coefﬁcient conventionally expressed as a
function of wind speed:
kw ¼ 0:39ν2 Sc=660ð Þ−0:5; ð3Þ
where Sc is the Schmidt number for CH4 in seawater (Wanninkhof,
1992). The wind speeds used in this work (ν) were the monthly
means for July 2009 at each station, obtained from the National Centers
for Environmental Prediction (NCEP) website (http://www.esrl.noaa.
gov/psd/data/gridded/data.ncep.reanalysis.derived.surface.html).
3. Results and discussion
3.1. Oceanographic setting
The stations were categorized into ﬁve area types according to
Longhurst (2006) (Fig. 1a). From the east, these include the Humboldt
Current Coastal Province (HUMB), containing the coastal boundary
current system off the west coast of South America; the Eastern South
Paciﬁc Subtropical Gyre Province (E-SPSG), which is the northeastern
part of the subtropical gyre of the South Paciﬁc Ocean; the Central
South Paciﬁc Subtropical Gyre Province (C-SPSG), which is the northern
central part of the subtropical gyre of the South Paciﬁc Ocean; the Archi-
pelago Deep Basins Province (ARCH), an area containing many islands;
and the East Australian Coastal Province (AUSE), including the East
Australian Current.
Fig. 1b shows a T–S diagram color-coded according to area. In the
HUMB, Equatorial Subsurface Water (ESSW), which has a density near
26.5 σθ and is typically salty, oxygen-poor, and nutrient-rich (black
cross in Fig. 1b) (De Pol-Holz et al., 2009), is entrained at a depth of
around 250 m from the eastern margin off Peru and transported west-
ward along the South Equatorial Current. In the E-SPSG, the features
of the ESSW gradually fade toward the center, and sea surface salinity
in our study area increases to a maximum value of 36.4. Sea surface
salinity decreases again west of the C-SPSG, reaching a minimum
value of 34.7 in the ARCH because of heavy rainfall related to theTable 1
Wind speeds, surface ocean CH4 concentrations, sea–air CH4 ﬂuxes, and atmospheric and surfa
Station
number




X19 16.8°S 86.4°W 9.2 2.10
66 16.8°S 96.0°W 9.5 2.40
85 16.8°S 106.0°W 8.9 2.00
104 16.8°S 116.0°W 8.7 1.90
121 16.8°S 127.3°W 7.7 2.02
134 16.8°S 136.0°W 7.0 1.80
152 17.5°S 145.8°W 7.0 2.05
174 17.5°S 155.7°W 7.9 1.67
189 17.5°S 165.7°W 7.8 1.78
209 17.5°S 176.3°W 6.2 1.96
229 17.8°S 173.7°E 7.4 1.81
255 20.0°S 164.4°E 8.3 2.13
285 24.9°S 154.1°E 8.3 2.12
⁎ There is no 50 m data.
⁎⁎ There is no 0 m data.Intertropical Convergence Zone (ITCZ). In the AUSE, the East Australian
Current ﬂows southward at the surface along the east coast of Australia,
creating a water mass structure that differs from that in the ARCH.
3.2. Sea–air CH4 ﬂux
The ﬂuxes of CH4 from the surface ocean to the atmosphere in the
subtropical South Paciﬁc were calculated using Eqs. (1)–(3) with the
observed mean atmospheric CH4 concentration (1.70 ppmv) and were
found to range from −0.2 to +4.8 μmol m−2 day−1 (Table 1). The
ﬂux has high values at the eastern sites of stations X19, 66, and 85
(+1.4 to +4.8 μmol m−2 day−1) and at the western coastal sites of
stations 255 and 285 (+1.3 to +2.4 μmol m−2 day−1), but low values
in the C-SPSG (St. 174, 189, and 209). The high ﬂuxes at the eastern sites
and the western coastal sites reﬂect the dominating effects of high
concentrations of dissolved CH4, exceeding 2 nmol kg−1, and high
wind speeds, exceeding 8 m s−1.
The δ13C-CH4 values of ambient air range from−47.0 to−46.4‰
with an average value of −46.7‰ (Table 1). The mean dissolved
δ13C-CH4 values in the mixed layer (0–50 m) range from −53.2 to
−45.7‰, much larger spatial variation than what was seen in the at-
mospheric values. The larger variability in water than in air seems to be
due to faster mixing in the air than in the water. Sansone et al. (2001)
suggested that upwelling induced anoxic regions are major sites of
CH4 accumulation and provide signiﬁcant atmospheric inputs of isotopi-
cally heavy CH4. The maximum sea–air ﬂux of +4.8 μmol m−2 day−1
and the highest δ13C-CH4 values of−45.7‰ occur at station 66, where
the oxygen-poor ESSW is entrained to the subsurface layer and the oxy-
gen concentration has the minimum value of 4 μmol kg−1 in our study
area (see Figs. 1b and 2d).
3.3. Surface and subsurface CH4 and δ13C-CH4 distribution
CH4 concentrations above 400 m water depth range from 0.9 to
2.7 nmol kg−1 (Fig. 2b). Except for sites in the C-SPSG (St. 209, 189,
and 174) and at some depths at stations 104 and 85, CH4 is supersatu-
rated above a depth of 100 m (up to 46.9%) (Fig. 3a), as observed in
previous studies (e.g., Conrad and Seiler, 1988; Tilbrook and Karl,
1995; Sasakawa et al., 2008). This suggests formation of CH4 in the sur-
face water. Because phytoplankton do not generate CH4 directly,
the supersaturating CH4 must result from microbial methanogenesis
during zooplankton grazing and particle sinking (e.g., Karl and
Tilbrook, 1994; Reeburgh, 2007). The CH4 concentration in the euphotic
layer above 200m generally decreases from the eastern region (HUMB)
to the western region (ARCH) and increases in western coastal sitesce ocean isotopic ratios.
. ave. 0–50 m Sea–air ﬂux
(μ mol m−2 day−1)
δ13C-CH4 air
(‰)















Fig. 2. Horizontal distributions of chlorophyll a concentration (a), CH4 concentration (b), δ13C-CH4 values (c) and dissolved oxygen concentration (d) above 800 m along 17°S. The black
dots indicate sampling points.
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creases from east to west, increases at the surface in the coastal sta-
tions, and shows high values in the subsurface water at approximately
100 m in the C-SPSG (Fig. 2a). There is a positive correlation between
chlorophyll a and CH4 concentrations at the surface (Fig. 3d), but
there is an inverse correlation in the subsurface water in the C-SPSG
(Fig. 2a and b). The inconsistency in the subsurface water in the C-
SPSG is discussed later in this section.
Except for sites in the C-SPSG (St. 209 and 189) and at some depths
of stations 104, 85, and X19, 13C enrichment relative to the atmospheric
value of −47‰ occurred in the water from the surface to 800 m
(Fig. 2c), as observed in previous studies (e.g., Holmes et al., 2000;
Sansone et al., 2001; Sasakawa et al., 2008). The recent isotopic results
of Sasakawa et al. (2008) suggest that the isotopically enriched CH4,
which ranges from−36.7 to +5.9‰, is emitted from sinking particles
through microbial methanogenesis and microbial CH4 oxidation within
the oxic/anoxic boundary of the particles, even in the surface water
above a depth of 100 m. As it is related to primary production, the CH4production within anaerobic environments inside sinking particles
causes CH4 accumulation in thewater from the surface to 800-mdepths.
The δ13C-CH4 values in the water between depths of 400 and 800 m
decrease from east to west (Figs. 2c and 3b). The 13C-enriched CH4
below the depth of 400 m in the eastern region is discussed later in
the next section.
In the C-SPSG and at some depths of stations 104, 85, and X19, CH4
has isotopically depleted values (min:−57.5‰), which are much less
than the atmospheric value of−47‰, and relatively low concentrations
compared to the surrounding surfacewater (Fig. 2). Especially at stations
209 and 85, the observed depths of isotopically depleted values and low
concentrations of CH4 are consistentwith chlorophyll amaximumdepths
(Fig. 3). Sasakawa et al. (2008) revealed that the CH4 emitted from zoo-
plankton has much lower δ13C-CH4 values, which range from−61.3 to
−54.4‰, than that from sinking particles (−36.7 to +5.9‰) or the at-
mosphere (−47‰). The CH4 in the euphotic layer in the C-SPSG may
be affected by CH4 emission from zooplankton guts. Alternatively, Karl
et al. (2008) suggested that CH4 is produced by aerobic bacteria as a
Fig. 3. Vertical distributions of the dissolved CH4 saturation ratio (a), δ13C-CH4 values (b) and chlorophyll a concentrations (c) above 400-m depths and the relationship between chloro-
phyll a and CH4 concentration in the surface water (d).
Fig. 4. Horizontal distributions of CH4 concentrations (a) and δ13C-CH4 values (b) along 17°S. The black dots indicate sampling points.
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Fig. 5. Relationships between δ13C-CH4 values and the natural logarithm of dissolved CH4
concentrations. The solid and dashed lines indicate changes in the δ13C value and CH4 con-
centration in the case of microbial CH4 oxidation with fractionation factors of 1.013 and
1.025, respectively. The dotted line indicates mixing of the most CH4-enriched water
with surface water.
29C. Yoshikawa et al. / Chemical Geology 382 (2014) 24–31byproduct of methylphosphonate decomposition in phosphate-stressed
waters. Because a phosphorus deﬁcit compared to nitrogenwas observed
in the C-SPSG during our cruise, the CH4 in the euphotic layer in the
C-SPSG may also be affected by aerobic CH4 production.
3.4. Deep water CH4 and δ13C-CH4 distribution
CH4 is accumulated above 1000 m; the concentrations below the
depth of 1000 m are less than 1 nmol kg−1 in our entire study area
(Fig. 4a). The δ13C-CH4 values are close to −47‰ at the surface and
increase with depth above 1000 m, as observed in previous studies
(e.g., Sansone et al., 2001) (Fig. 4b). The isotopically heavy CH4 of low
concentration reﬂects microbial oxidation of CH4 with isotopic fraction-
ation during vertical transport by particle sinking and/or zooplankton
migration (Coleman et al., 1981).
The maximum values of δ13C-CH4 exceed −30.0‰ east of 120°W
and reach−19.3‰ at station X19. Thewater of the δ13C-CH4maximum
is oxygen-poor and nutrient-rich and advects from the eastern upwell-
ing region off Peru, where surface primary production is very high and
CH4 hydrate occurs in sediment (Pecher et al., 2001). Similar entrain-
ments of isotopically heavy CH4 near CH4 hydrate have been reported
along the California shelf (Tilbrook and Karl, 1995; Valentine et al.,
2001), the Oregon shelf (Rehder et al., 2002), and in the eastern tropical
North Paciﬁc (Sansone et al., 2001). These results suggest that the high
primary production in the eastern upwelling region causes CH4 accu-
mulation in the water column and/or sediments and that the CH4 is
then oxidized with isotopic fractionation during horizontal advection.
From these results, we speculate that the 13C-enriched CH4 in the east-
ern region is transported with the South Equatorial Current from the
eastern margin off Peru.
At station 209 (176.3°W, 17.5°S), the δ13C-CH4 values are−21.4‰
at 1000 m and −26.6‰ at 2000 m, which indicate a signiﬁcant en-
richment in 13C compared with the values of the surrounding sites
(e.g., −42.7‰ at 2000 m at St. 174) (Fig. 4b). In the western South
Paciﬁc, isotopically heavy CH4 originating from hydrothermal gas
has been reported in the Havre Trough off the North Island of New
Zealand (−24.6 to −28.9‰: Botz et al., 2002; −20‰: Faure et al.,
2010). Station 209 is located near the Central Lau Spreading Centers
in the Lau Basin (Martinez et al., 2006). The Lau Basin and the Havre
Trough, which are back-arc basins in the southwestern Paciﬁc,
contain several seaﬂoor spreading centers and hydrothermal ﬁelds
(e.g., Botz et al., 2002; Martinez et al., 2006; Kim et al., 2009; Faure
et al., 2010; Mottl et al., 2011). Although a hydrothermal plume
containing high concentrations of CH4 has been reported in the
northeast Lau Spreading Centers (174.3°W, 16.4°S), which are within
several kilometers of station 209 (Kim et al., 2009), no hydrothermal
venting has been reported at station 209, and no temperature deviation
was observed at this depth. From these results, we speculate that CH4
hydrothermal venting occurs somewhere near station 209 and that
the isotopically heavy CH4 originating from abiogenic and/or thermo-
genic methanogenesis is then oxidized with isotopic fractionation
during advection before arriving at station 209.
3.5. CH4 production and consumption processes
CH4 production and consumption processes can be identiﬁed by
investigating the relationships between the δ13C-CH4 value and the
natural logarithm of the CH4 concentration (ln[CH4]) (Fig. 5).
The relationships between δ13C-CH4 and the ln[CH4] in most of the
surface water, with the exception of the data for the suspected aerobic
CH4 production region in the C-SPSG, are concentrated around a single
point (δ13C-CH4=−47‰ and ln[CH4]= 0.7). The point reﬂects super-
saturated CH4 resulting from surface primary production and subse-
quent degradation. If microbial oxidation of the CH4 proceeds slowly
during the transportation of the CH4 to the deeper layer by particle
sinking and/or zooplankton migration, Eq. (4) can be applied with theassumption of a closed system. When microbial CH4 oxidation occurs,
the δ13C-CH4 value increases according to
δ13C−CH4 ¼ δ13C−CH4 initial þ 1000 1=α–1ð Þ
 ln CH4½ = CH4½ initial
 
; ð4Þ
where δ13C-CH4 initial and [CH4]initial are the δ13C-CH4 value and concen-
tration of CH4 before the oxidation. In this case, the CH4 resulting from
surface primary production and subsequent degradationwould establish
the initial values (δ13C-CH4 initial = −47‰ and ln[CH4] initial = 0.7).
α represents the fractionation factor during microbial oxidation, which
ranges from 1.013 to 1.025 (Coleman et al., 1981). Lines indicate changes
in the δ13C and concentration of CH4 values during partial oxidation by
bacteria, the two cases of the observed lower limit (α = 1.013) and
upper limit (α= 1.025), are also shown in Fig. 5. Approximately 80% of
the data above 1000 m, except at the HUMB and the eastern end of
the E-SPSG (see data within the circle of the ESSW in Fig. 5) and at the
C-SPSG (see data within the circle of the C-SPSG in Fig. 5), plot around
these two lines. These results suggest that the subsurface CH4 is produced
as a result of surface primary production and subsequent degradation
and is subsequently affected bymicrobial oxidation during vertical trans-
portation. Moreover, although we only measured δD-CH4 values above
400 m depth at stations 66 and 121 and above 300 m depth at station
174, δD-CH4 values range from−141 to−121‰ in the surface water
above 100 m and increase with decreasing concentrations, as observed
in the δ13C-CH4 values (Fig. 6a). The δD-CH4 values at 400 m are
−49.7‰ at station 66 and +49.5‰ at station 121, which are
within the estimated oxidized values of −67–+46‰ at station 66
and +23–+331‰ at station 121 with the observed hydrogen isotopic
fractionation during microbial oxidation (α= 1.103–1.325: Coleman
et al., 1981). These δD-CH4 results are consistent with the previously
mentioned suggestion.
At theHUMBand eastern side of the E-SPSG, the subsurface data plot
above the estimated oxidation and mixing lines (Fig. 5). If the δ13C-CH4
value originating from surface primary production and subsequent deg-
radation is about−47‰, by using Eq. (4) and the 250 m data at station
X19 (δ13C-CH4 =−27.7‰ and [CH4] =2.14 nmolkg−1), which are the
farthest data from the lines, we estimate that 20% and43% of the subsur-
face CH4 originated from in situ surface primary production and subse-
quent degradation of detritus, and that the rest originated from other
Fig. 6. Relationships between δ13C-CH4 values and the natural logarithm of the dissolved
CH4 concentration with color coding according to the δD-CH4 value (a) and dissolved ox-
ygen concentration (b).
30 C. Yoshikawa et al. / Chemical Geology 382 (2014) 24–31areas, in the cases of α= 1.013 and 1.025, respectively. These waters
have low oxygen concentrations (less than 100 μmol kg−1; Fig. 6b),
which is a feature of the ESSW from the eastern upwelling region off
Peru (De Pol-Holz et al., 2009). Therefore, we conclude that the CH4 in
the water between 200 and 1000 m depths in the HUMB and eastern
side of the E-SPSG originated mainly from the ESSW. The CH4 in the
ESSW possibly originates from CH4 hydrate dissolution and subsequent
oxidation.
The deeper data below the depth of 1500 m, except the data for the
presumed hydrothermal source at station 209, plot below the estimated
oxidation lines (Fig. 5). These waters have low CH4 concentrations of
less than 0.6 nmol kg−1. The oxidation of CH4 originating from surface
primary production and subsequent degradation is almost completed
below1500mdepth. The results suggest the possibility ofmuch smaller
fractionation factors than we used here (α= 1.013 and 1.025) and a
supply of isotopically depleted CH4 from seaﬂoor sediments.4. Summary
We analyzed atmospheric and dissolved δ13C-CH4 values and CH4
concentrations at 13 sites along 17°S in the subtropical South Paciﬁc,
during the R/V Mirai cruise in April–June 2009 to revisit the WOCE
P21 survey line.We also analyzed dissolved δD-CH4 values at three sites.
The sea–air CH4 ﬂux is high at +1.3–+4.8 μmol m−2 day−1 in
the eastern region and the western coastal region, but it is low at
−0.–0.8 μmol m−2 day−1 in the C-SPSG. The high ﬂuxes at the coastal
sites reﬂect the dominating effects of high concentrations of dissolved
CH4 and high wind speeds. Station 66 in the upwelling-induced anoxia
region is a site of CH4 accumulation (2.4 μmol kg−1) and signiﬁcant
atmospheric input (+4.8 μmol m−2 day−1) of isotopically heavy CH4
(δ13C =−45.7‰).In the euphotic layer, CH4 shows high concentrations (up to
2.7 nmol kg−1) and isotopically enriched values relative to the atmo-
spheric value of−47‰ and is supersaturated above a depth of 100m
(up to 46.9%), except for the regions in the C-SPSG. The CH4 and chlo-
rophyll a concentrations at the surface generally decrease from east
to west and increase at the western coastal sites. This consistency
suggested that active CH4 productions related to the primary production
cause surface CH4 accumulation.
In the deeper layer, CH4 shows a decrease in concentration from the
surface values of about 2 nmol kg−1 to values of less than 1 nmol kg−1
below the depth of 1000m, an increase in δ13C-CH4 values from surface
values near the atmospheric value of−47‰ to values exceeding−35‰
at about 1000 m, and an increase in δD-CH4 values from surface values
of about −130‰ to values exceeding −50‰ at about 400 m. The
13C-enriched CH4 of low concentration reﬂects microbial oxidation
of CH4 with isotopic fractionation during vertical transport via parti-
cle sinking and/or zooplankton migration. The maximum values of
δ13C-CH4 exceed −30.0‰ in the water between 200 and 1000 m in
the HUMB and at the east side of the E-SPSG. The relationship among
the δ13C-CH4, ln[CH4], and the oxygen concentration values indicates
that the 13C-enriched CH4 in the HUMB and eastern side of the E-SPSG
originates not only from in situ CH4 production and oxidation but also
from the CH4 transported from the eastern upwelling region off Peru,
which possibly originates from CH4 hydrate dissolution and subsequent
oxidation. At station 209 near the Central Lau Spreading Centers in the
Lau Basin, δ13C-CH4 values are −21.4‰ at 1000 m and −26.6‰ at
2000 m, which are much isotopically heavier than values of surround-
ing sites. Considering that a hydrothermal plume containing high
concentrations of CH4 has been reported within several kilometers of
station 209 (Kim et al., 2009), we speculate that the deeply detected
CH4 at station 209 possibly originates from CH4 hydrothermal venting
that occurs somewhere near station 209.
In this study, isotopically depleted δ13C-CH4 values (min:−57.5‰)
and relatively low CH4 and high chlorophyll a concentrations were ob-
served in the surface water of the C-SPSG. The observed 13C-depleted
CH4 values may be affected by CH4 emission from zooplankton guts
(Sasakawa et al., 2008). Moreover, the CH4 may also be affected by aer-
obic CH4 production in phosphate-stressed water, such as the surface
water in the C-SPSG (Karl et al., 2008). Observations of CH4 oxidative
activity, anaerobic/aerobic CH4 production, and δ13C values of CH4
originating from aerobic CH4 production would contribute to more
precise understanding of the surface CH4 production processes.Acknowledgments
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